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ABSTRACT

The equatorial Atlantic is marked by significant interannual variability in sea-
surface temperature (SST) that is phase-locked to late boreal spring and early summer.
The role of the atmosphere in this phase locking is examined using observations, rea-
nalysis data, and model output. The results show that equatorial zonal surface wind
anomalies, which are a main driver of warm and cold events, typically start decreas-
ing in June, despite SST and sea-level pressure gradient anomalies being at their peak
during this month. This behavior is explained by the seasonal northward migration of
the intertropical convergence zone (ITCZ) in early summer. The north-equatorial po-
sition of the Atlantic ITCZ contributes to the decay of wind anomalies in three ways:
1) Horizontal advection associated with the cross-equatorial winds transports air
masses of comparatively low zonal momentum anomalies from the southeast toward
the equator. 2) The absence of deep convection leads to changes in vertical momen-
tum transport that reduce the equatorial wind anomalies at the surface, while anoma-
lies aloft remain relatively strong. 3) The cross-equatorial flow is associated with in-
creased total wind speed, which increases surface drag and deposit of momentum into
the ocean.

Previous studies have shown that convection enhances the surface wind response
to SST anomalies. The present study indicates that convection also amplifies the sur-
face zonal wind response to sea-level pressure gradients in the western equatorial At-
lantic, where SST anomalies are small. This introduces a new element into coupled

air-sea interaction of the tropical Atlantic.



1. Introduction

Sea-surface temperature (SST) in the equatorial Atlantic is subject to interannual
variability that has significant impacts on the surrounding continents (Folland et al.
1986; Nobre and Shukla 1996). SST anomalies occur along the equatorial wave-guide
with the maximum amplitude of about 1K occurring in the eastern cold tongue region.
This mode of variability is often called the Atlantic Zonal Mode (AZM) due to its
zonal orientation. The AZM is considered to rely on mechanisms similar to El Ni-
flo/Southern Oscillation (ENSO) as highlighted by Zebiak (1993). Due to this appar-
ent similarity warm and cold events are also sometimes called Atlantic Nifios and At-
lantic Ninas, respectively. Compared to ENSO, however, the AZM is shorter lived (3
months versus 9 months), its amplitude is weaker (1K vs. 3K), and its peak is phase-
locked to boreal summer (JJA), as opposed to boreal winter (DJF) in the case of
ENSO.

While our understanding of the AZM has increased over the years (Zebiak 1993;
Carton 1994; Xie and Carton 2004; Chang et al. 2006; Keenlyside and Latif 2007),
recent results indicate that the analogy with ENSO may not carry as far as previously
thought. Foltz and McPhaden (2010), Liibbecke and McPhaden (2012), and Richter et
al. (2013) show that off-equatorial influences play an important role in some AZM
events, while Richter et al. (2014b) present evidence that coupled air-sea feedbacks
are weaker than suggested by previous studies. Furthermore, the representation of the
equatorial Atlantic in general circulation models (GCMs) is notoriously difficult and
has been a longstanding problem (Davey et al. 2002; Richter and Xie 2008; Richter et
al. 2014a). Models typically overestimate SST in the eastern cold tongue region,
while underestimating them in the west, leading to a zonal SST gradient whose sign is
opposite to observations. The persistent mean state biases in GCMs likely contribute
to the models’ misrepresentation of the AZM (Breugem et al. 2006; Richter et al.
2014a) and the poor prediction skill of dynamical models for the region, which is of-
ten on a level with persistence forecasts (Stockdale et al. 2006). The limited applica-
bility of the ENSO mechanism to the AZM as well as the poor prediction skill for
AZM events indicate that a more complete understanding of the phenomenon is need-
ed. One important issue is to understand why the AZM is tightly locked to the annual
cycle. This involves two questions: 1) why do events typically develop in boreal

spring, and 2) why do events terminate after just three months in boreal summer?



Keenlyside and Latif (2007; KLO7 hereafter) explain the phase locking of the
AZM in terms of the seasonality of coupled feedbacks. They show that the zonal sur-
face winds in the western equatorial Atlantic are most sensitive to eastern equatorial
Atlantic SST anomalies in late spring and early summer. KLO7 attribute this to the
mean state SST in the western equatorial Atlantic, which only during those months
rises above 28°C and thus permits deep convection. The implicit assumption is that
the presence of deep convection will enhance the response to SST anomalies through
diabatic latent heating as moisture condenses in convective updrafts in the atmosphere.
The importance of the seasonal cycle in limiting the length of AZM events is also
shown by Bates (2008, 2010) who conducts anomaly-coupled GCM sensitivity exper-
iments with a fixed mean state and insolation representative of the annual mean or
individual seasons. She finds that the length of AZM events roughly triples with a
perpetual annual mean basic state, and that AZM variability is enhanced with perpet-
ual boreal spring or fall conditions. Bates also suggests that the position of the ITCZ,
through its influence on the strength of the climatological trade winds, plays an im-
portant role in this. While both KL07 and Bates (2008, 2010) stress the role of the
ITCZ in equatorial wind anomalies the detailed mechanism awaits further investiga-
tion.

The importance of diabatic heating in modulating the surface wind response to
interannual SST anomalies has long been recognized. Webster (1981) investigated the
atmospheric response to SST anomalies in a simple model with a convergence-
heating feedback that allowed convective heating to modify surface convergence until
equilibrium was reached. Zebiak (1986) additionally considered the importance of the
background state by allowing heating in a given location to occur only if the sum of
the (predicted) anomalous and (prescribed) climatological wind fields was convergent
there. This hypothesized influence of the background state on the convergence feed-
back has also been invoked to explain the phase locking of ENSO to boreal winter
(Harrison and Vecchi 1999; Vecchi 2006). Focusing on the 1997/98 event, the authors
showed that the climatological strengthening of the South Pacific Convergence Zone
(SPCZ) in December was associated with a southward shift of equatorial westerly
wind anomalies toward the region of maximum SST and precipitation. This led to
strengthening easterlies on the equator that, through oceanic Kelvin waves, terminated
the El Nifio event in subsequent months. McGregor et al. (2012) used an intermediate

complexity model to investigate the southward shift of ENSO zonal wind anomalies
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in more detail and argued that it is related to the seasonal reduction of wind speed that
accompanies the southward shift of convection. This, they suggested, leads to reduced
damping of surface momentum, which strengthens Ekman pumping and allows inter-
annual surface wind anomalies to intensify south of the equator.

The above ENSO studies rely on the same basic argument as KL07 to explain
seasonal phase locking, namely that the seasonal migration of maximum SST and
precipitation away from the equator is responsible for the decay of equatorial wind
anomalies, which eventually leads to the termination of events. In the present study
we expand on the results of KL07 and examine in more detail the relation between
deep convection and surface wind variability in the equatorial Atlantic. Furthermore,
we examine what commonalities, in terms of phase locking, exist among the equatori-
al Atlantic, Pacific and Indian Ocean basins. The rest of the paper is structured as fol-
lows. In section 2 we introduce the data sets used in this study. In section 3 we review
the climate of the tropical Atlantic and highlight some crucial aspects of the AZM.
This is followed by a detailed examination of AZM phase locking (section 4) and a
comparison with other basins (section 5). In section 6, we summarize our results and

discuss their ramifications.

2. Data and methods

The emphasis of this study lies on observational and reanalysis data for the period
1982-2013. The choice of this period was motivated by the fact that it falls into the
satellite observation era, which offers good coverage of precipitation and surface
winds over the ocean. Precipitation is from the Global Precipitation Climatology Pro-
ject (GPCP) version 2.2, which is a blend of satellite and station data (Adler et al.
2003). Surface winds are from the European Centre for Medium Range Weather
Forecasts (ECMWF) Interim reanalysis (ERAI hereafter; Dee et al. 2011). The sur-
face winds of the ERAI match well with those from satellite products for the period
1986-2013 but extend further back and were therefore chosen for our analysis period.
For SST we use the Optimally Interpolated SST (OISST) dataset of Reynolds et al.
(2002), which is a blend of satellite, ship-based, and buoy observations. For oceanic
subsurface temperatures we rely on the ECMWF ocean reanalysis (ORAS-4; Bal-
maseda et al. 2013). The forcing of ORAS-4 is based on the ERAI surface winds and

thus provides consistency between the two reanalyses.



We supplement our analysis with several GCM simulations from the Coupled
Model Intercomparison Project Phase 5 (CMIPS5), which offer the advantage of physi-
cally consistent and gap-free data. The experiment considered here is the Atmospheric
Model Intercomparison Project (AMIP), in which atmospheric GCMs (AGCMs) are
run with SSTs prescribed from observations for the period 1979-2008. Most coupled
ocean-atmosphere GCMs in CMIP5 suffer from severe SST biases in the tropical At-
lantic and do not achieve a realistic representation of the AZM (Richter et al. 2014a).
Using AMIP runs has the advantage of avoiding these unrealistic SST distributions
and allows to average over a model ensemble (see Table 1 for ensemble members)
because the SST forcing is the same in all models.

Several indices are used in our analysis (see Fig. 1b for a geographical illustra-
tion). The ATL3 (originally defined by Zebiak [1993] in analogy to the Pacific Nifio 3
index) captures SST variability in the cold tongue region (20°W-0, 3°S-3°N) and is a
standard indicator of the AZM. The western equatorial wind index (WEA; 40-20°W,
2°S-2°N) covers the area of maximum zonal surface wind variability in the equatorial
Atlantic and a similarly defined index has been used in other studies (e.g. KL07).

We use composite analysis to examine the evolution of AZM events. For the ob-
servations we composite the years 1988, 1991, 1995, 1996, 1999, and 2008 because
they represent canonical Atlantic Nifo events that resemble ENSO dynamics. The
years 1987, 1998, and 2006 also featured warm anomalies in the ATL3 but were not
chosen because their evolution follows a different pattern (Richter et al. 2013). Simi-
larly, we picked 1982, 1983, 1992, 1994, 1997, and 2005 to composite canonical cold
AZM events.

Finally, we note that we use the term “anomaly” exclusively to mean departure
from the long-term monthly mean (i.e. interannual variations) rather than departure of
the seasonal cycle from the annual mean. For the current analysis we did not attempt
to remove the climate change signal through linear detrending because the analysis

period is rather short and subject to significant decadal variability.

3. Tropical Atlantic mean climate and its interannual variability

The climate of the tropical Atlantic is marked by persistent northeasterly and
southeasterly trade winds (Fig. 1) that typically converge close to the equator where
they fuel intense precipitation in the intertropical convergence zone (ITCZ). While the

trade winds blow fairly steadily, the location of their convergence varies by season.



This is reflected in the position of the ITCZ, which reaches its southernmost latitude
in boreal spring (MAM; Fig. 1a) and its northernmost latitude in boreal summer (JJA;
Fig. 1b). The northward migration of the ITCZ is linked to the annual cycle of insola-
tion, which warms both SST and land surface temperatures north of the equator (Xie
and Carton 2004; Chang et al. 2006; KL07), though the relative importance of oceanic
and continental influences remains under debate (Biasutti et al. 2003, 2005; Okumura
and Xie 2004). The latitudinal shift of the ITCZ from the equator in MAM to about
8°N in JJA is accompanied by intensification of the equatorial easterlies as the south-
east trades flow across the equator and into the ITCZ (Fig. 1). The intensification is
most pronounced over the western equatorial Atlantic, where the near-surface easter-
lies strengthen from 3.2 m/s in April to 5.4 m/s in July, based on ERAI data averaged
over the WEA index (see section 2 for index definitions). Through the excitation of
equatorial Kelvin waves, the strengthened easterlies shoal the eastern equatorial At-
lantic thermocline, which facilitates upwelling-related cooling and the formation of
the Atlantic cold tongue (Fig. 1b). In the ATL3 region, SSTs drop from 28.8°C in
April to 24.6°C in July.

The timing and magnitude of the surface wind intensification on the equator var-
ies considerably from year to year and this leads to interannual SST variability in the
cold tongue region where the AZM attains maximum amplitude. Some studies suggest
that the AZM relies on the following positive coupled air-sea feedback mechanism
(Philander 1986; Zebiak 1993; KLO7, Ding et al. 2010): 1) an initial surface wind
anomaly on the equator leads to thermocline readjustment through Kelvin waves; 2)
the resulting thermocline changes generate SST anomalies in the eastern equatorial
Atlantic through upwelling; 3) the SST anomalies alter the zonal pressure gradient
along the equator in such a way as to reinforce the initial wind anomaly. This coupled
feedback mechanism is often referred to as the Bjerknes feedback and has been shown
to be an important component of equatorial Pacific variability (Bjerknes 1969; Chang
et al. 2006).

Figure 2 shows the composite evolution of an AZM warm event based on the
ORAS-4 ocean reanalysis. All indices are normalized by their respective standard de-
viations. Westerly wind stress anomalies in the WEA region exceed 0.5 standard de-
viations (SD) from March, peak in May, and decay rapidly thereafter. The depth of
the 20°C isotherm (Z20 hereafter) in the ATL3 region follows with some lag, with



values exceeding 0.5 SD in May and reaching their peak in June. The evolution of
SST anomalies in the ATL3 region follows that of Z20 but decays more gradually.

If one takes the Atlantic Bjerknes feedback as given it is clear that there needs to exist
a process that breaks the positive feedback loop or else the AZM would remain in its
positive state indefinitely. Ocean dynamics may contribute to this but here we focus
on the role of the atmosphere. In this context it is interesting to note that during the
peak of the SST anomalies in June the wind anomalies have already decreased by
about 50% relative to their maximum in May. In the following section we examine

this behavior in more detail.

4. Phase locking of the Atlantic zonal mode
4.1. Composite analysis

We start by analyzing the evolution of composite warm events in observations
(Fig. 3). SST anomalies in the central equatorial Atlantic start developing in March,
peak in June, and decay in July and August. We note that significant SST anomalies
also occur along the western coast of southern Africa. Some studies consider these
two areas to be part of the same mode of variability (e.g. Huang et al. 2004; Huang
and Shukla 2005; Liibbecke et al. 2010) and they may be linked via large-scale anom-
alies in the position and strength of the subtropical anticyclone (Liibbecke et al. 2010;
Richter et al. 2010). Here, however, we focus on equatorial Atlantic winds and the
ITCZ and leave aside the linkage to the subtropics.

The close correspondence between surface wind anomalies and ITCZ position is
evident in Fig. 3. Both surface wind anomalies and ITCZ are roughly centered on the
equator in March and April. As the ITCZ starts shifting northward in May and June
the surface wind anomalies do likewise. This leads to weaker anomalies on the equa-
tor in June. As the ITCZ firmly establishes itself north of the equator in July and Au-
gust, westerly wind anomalies remain strong there. On the equator, however, wind
anomalies completely cease, while SST anomalies start decaying.

We zoom into the equatorial Atlantic and contrast the composite pressure and
wind anomalies at the surface (Fig. 4a) with geopotential height and wind anomalies
at 700 hPa (Z700; Fig. 4b). This shows that, unlike the surface wind anomalies, the
700 hPa wind anomalies are rather symmetric about the equator and indifferent to the
position of the Atlantic ITCZ. Accordingly, the 700 hPa wind anomalies remain

strong in June and July, when the ITCZ moves north of the equator. This is explained
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by the fact that precipitation anomalies stay closer to the equator than the ITCZ (Fig.
4b). Nevertheless, it is evident that precipitation anomalies, too, shift westward and
off the equator as the cold tongue develops in the eastern equatorial Atlantic (Fig. 1),
which suggests that the cool SSTs inhibit convective anomalies.

Both SLP and Z700 anomalies show a large-scale east-west gradient not only on
the equator but also in the subtropics. The equatorial Z700 gradient remains promi-
nent until July and, consistently, the anomalies at 700 hPa remain westerly. The large-
scale Z700 gradient on the equator is likely influenced by the anomalous SST and
convection there. It is not clear, however, whether the negative Z700 anomalies over
West Africa and the subtropical South Atlantic are directly linked to the equatorial
convection anomalies. We conclude that large-scale influences likely contribute to the
westerly wind anomalies at 700 hPa but that the presence of the Atlantic ITCZ is
needed for these anomalies to be expressed at the surface.

The evolution of cold AZM events follows a very similar pattern (Fig. 5). While
the sign of anomalies is reversed, the seasonal migration of the ITCZ proceeds in a
very similar fashion and is accompanied by a weakening of surface wind anomalies
on the equator. As in warm events, the maximum surface wind anomalies shift north-
ward with the position of the ITCZ while roughly retaining their orientation. An inter-
esting difference is that the SST anomalies extend all the way to the coast during neg-
ative events but are focused in the central basin during positive events. This may be
due to differences in the total wind field: during negative events the total winds in the
eastern equatorial Atlantic become upwelling favorable and produce a response all the

way to the eastern boundary.

4.2. Testing the convergence feedback

Zebiak (1986) argued that the surface wind response to SST anomalies should be
enhanced in the presence of deep convection because the associated convective heat-
ing enhances the sea-level pressure anomalies. Thus the zonal wind response to ATL3
SST anomalies should be enhanced when deep convection occurs there (see schematic
in Fig. 10). Assuming a Matsuno-Gill pattern (Matsuno 1996, Gill 1980), the strong-
est wind response to this anomalous convection is expected over the western equatori-
al Atlantic (e.g. Jin 1997, Neelin et al. 1998).

We would like to test to what extent the idealized concept of the convergence

feedback matches observations. We do this by sorting monthly fields into two groups



according to GPCP total precipitation in the ATL3. Group one contains months with
ATLS3 precipitation less than 1 mm/day, and group 2 contains the remaining months.
For both groups we regress WEA zonal surface wind on ATL3 SST and compare the
results. For the first group, with ATL3 precipitation below 1 mm/day, we find a re-
gression coefficient of 0.54 m s™ K™ (not shown). As expected, the regression coeffi-
cient is higher in the second group, with 0.86 m s K™, corresponding to a 59% in-
crease over group 1. These results are roughly consistent with those from the simple
parameterization in Zebiak (1986). The correlation coefficient, however, is relatively
low for both groups (0.56 and 0.50 for groups 1 and 2, respectively) indicating that
ATL3 SST anomalies explain only a modest fraction of WEA surface wind variability.
This may partly be due to the anomalous precipitation maximum being located to the
west of the ATL3 region (Fig. 4b). It may also be argued that, due to this mismatch,
the ATL3 and WEA indices are not ideally suited for exploring the convergence feed-
back. We have therefore repeated the calculation for different index regions but found
the results to be qualitatively robust.

The relatively weak link between ATL3 SST anomalies and WEA winds moti-
vates us to also inspect the influence of convection in the WEA region itself (left hand
side of schematic Fig. 10). Assuming a Matsuno-Gill response, heating centered on
the WEA region should induce wind anomalies of opposite sign to the east and west.
Since these partially cancel we expect the direct wind response in the WEA to be rela-
tively small (this is, of course, based on very idealized assumptions; the real wind re-
sponse will be more complicated due to the zonally elongated heating anomaly,
among other things). Nevertheless, we would like to investigate whether convection
in the WEA can somehow modulate the surface wind response to remotely induced
surface pressure gradients. We therefore use the above binning method but average
precipitation over the WEA rather than ATL3 region and set 2 mm/day as the binning
criterion. Based on the two bins thus defined, we regress WEA surface zonal wind
anomalies on WEA zonal SLP gradient anomalies in the observations (Figs. 6a and
6b). (The SLP gradient is calculated for all relevant grid cells first and then area-
averaged.) For the months with WEA precipitation less than 2 mm/day, the analysis
yields a correlation coefficient of 0.76 and a regression coefficient of 3.15%10% m’ s
kg'. For the months with WEA precipitation greater than 2 mm/d the values are 0.77
and 5.30 *10* m’ s kg!, respectively. Thus the surface zonal wind is 68% more sensi-

tive to zonal pressure gradients when deep convection is present. The convergence
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feedback cannot explain this behavior because it only concerns the pressure response
to a given SST anomaly. Put differently, the convergence feedback amplifies the SLP
response to a given SST anomaly (0SLP'/dSST") when deep convection is present; it
should not alter the sensitivity of surface zonal winds to SLP gradients (QU'/dSLP").
Our results therefore suggest that the convergence feedback cannot fully explain the
strong influence of deep convection on the surface wind response to SST anomalies.
We also subject the variability of the AMIP ensemble mean to the same analysis.
Here the correlation coefficients are substantially higher (0.87 and 0.90 for low and
high precipitation months, respectively), partly because atmospheric noise is averaged
out. The regression coefficients are 2.15 *10* m’ s kg™ and 5.05 *10* m’ s kg™ for
low and high precipitation months, respectively. This indicates that the surface wind
sensitivity to the zonal pressure gradient increases by about 130%, significantly more

than in the observations.

4.3. Analysis of the surface momentum budget

The above results indicate that the convergence feedback cannot fully explain the
increased sensitivity of surface winds to SST anomalies in the presence of convection,
which is crucial to the phase-locked nature of equatorial surface wind anomalies. To
further examine the reason for the rapid decay of surface zonal wind anomalies in
June, we turn to a budget analysis of the surface zonal momentum in the WEA region
using ERAI reanalysis data (Fig. 7). The equation forming the basis of this analysis is

6u+ 6u+ Ju +16p+ _ R
ot " Yox ”ay fv p 0x e =

where 1y is the surface zonal wind stress (with the sign opposite to that of the sur-
face zonal wind to indicate loss of atmospheric momentum to the ocean), R is the re-
sidual of all the other terms on the left-hand side, and the other symbols have their
conventional meaning. Transients are neglected in this analysis because they have
been shown to give only minor contributions in a similar analysis of Richter et al.
(2014b). Vertical momentum transport is difficult to estimate in this simple off-line
analysis because parameterized terms, such as entrainment into the atmospheric
boundary layer (ABL), are not available and vertical velocity is highly uncertain. We
therefore estimate vertical transport as the residual of the budget, denoted by R, mul-
tiplied by -1 to show the term that would be needed to close the budget. The Coriolis

term is calculated but not plotted because it is negligible on the equator.
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The budget analysis reveals that the pressure gradient term has its highest (west-
erly) value in June (Fig. 7), which coincides with the peak in the ATL3 SST anomaly.
This response of the pressure gradient to SST anomalies is consistent with the simple
model of Lindzen and Nigam (1987). The surface winds, however, do not follow a
Lindzen-Nigam response but rather decrease in June (Fig. 2). This is due to several
factors to be discussed in the following. 1) Horizontal advection contributes to the de-
crease of surface zonal winds with approximately -0.5 m/s/day. Both zonal and merid-
ional advection (not shown) contribute to this because the mean cross-equatorial
south-easterlies in JJA (Fig. 1b) advect relatively weak wind anomalies (Fig. 3) to the

equator. 2) Surface wind stress removes momentum from the atmosphere and injects

it into the ocean. The standard bulk formula for surface wind stress is 7,, = C Dp” U ||u,

U || 1s the surface wind

where Cp is the drag coefficient, p is surface air density, |
speed, and u is the zonal component of the surface wind. The formula suggests that
surface zonal stress roughly follows surface zonal wind. The dependence on surface
wind speed, however, introduces a non-linearity, which turns out to be significant. As
the total wind speed on the equator increases in JJA (Fig. 8), the same surface zonal
wind anomaly will induce greater surface zonal stress. Thus the surface zonal stress
decreases less rapidly than the zonal surface wind itself. This is evident in the compo-
site evolution of anomalous zonal wind stress and surface wind (Fig. 8). After the
peak in May, the anomalous surface zonal wind decreases appreciably faster than the
anomalous zonal wind stress. The product of climatological wind speed and zonal sur-
face wind anomaly, on the other hand, tracks the anomalous zonal wind stress fairly
well. 3) Vertical momentum transport (as estimated from the residual) contributes -0.6
m/s/day. A possible interpretation is that, as deep convection moves away from the
equator, ABL entrainment intensifies and transports easterly momentum from the
lower troposphere into the ABL, thus opposing the westerly wind anomaly. It is diffi-
cult to ascertain, however, if this hypothesis has any merit because the vertical struc-
ture of the lower troposphere is not well observed over the equatorial Atlantic and
thus there is little constraint on the reanalysis. For what it is worth, the ERAI data do
suggest that the vertical distribution of momentum in the lower troposphere is more
uniform in June and July than in April and May, as shown in the time-pressure section
of total zonal wind averaged over the WEA region (Fig. 9). While the total zonal wind

in boreal summer is increasing between 1000 and 900 hPa, it is decreasing between
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850 and 700 hPa, which is consistent with entrainment of momentum from those up-
per levels into the ABL.

The time-pressure section (Fig. 9) also reveals that the maximum zonal wind
anomaly over the WEA region occurs in May at about 925 hPa. From June through
August this maximum somewhat weakens and shifts upward to the 700 hPa level.
During the same period, the surface wind anomalies decrease rapidly, leading to a
strong vertical shear in the anomalous zonal wind. This is consistent with the compo-
site evolutions at the surface and 700 hPa shown in Fig. 4.

The influence of convection on surface wind anomalies is illustrated in a sche-
matic (Fig. 10). This shows both the convergence feedback discussed in 4.2 and the
effect of vertical momentum transport discussed here.

Our results suggest that surface wind anomalies are strong when the underlying
SSTs are warm, and weak when the underlying SSTs are cool. This is reminiscent of
the wind-SST relation observed in regions of strong SST fronts (Wallace et al. 1989;
Chelton et al. 2001; Xie 2004a; Small et al. 2008), where surface winds accelerate
when they encounter warmer SSTs. Various explanations for this behavior have been
put forward (see Small et al. 2008 for a review), one of them being the enhanced ver-
tical mixing of momentum inside the ABL that results when surface heat fluxes de-
stabilize the ABL from below. It is not clear to what extent this mechanism applies to
the western equatorial Atlantic. The meridional SST gradient is relatively weak there
(see Fig. 1) and so is the correlation of SST and surface wind speed (Fig. 1 of Small et
al. 2008). Moreover, the phenomenon is mostly observed for short temporal (sub-
seasonal) and small spatial (< 1000 km) scales, which are different from the scales at
hand (interannual; 2000 km or larger). Further analysis will be needed to clarify the

link between the two phenomena and the mechanisms involved.

5. Comparison with the tropical Pacific and Indian Oceans

Seasonal migration of the ITCZ is common to all three tropical ocean basins. If
the collocation of wind variability with the ITCZ position is a general feature of the
tropics, rather than a peculiarity of the tropical Atlantic, then we would expect signifi-
cant modulation of the equatorial modes of interannual variability in the other two
basins as well. For the Pacific, several studies have already suggested an important
role of the ITCZ in the phase locking of ENSO, though alternative hypotheses involv-

ing oceanic processes have been put forward (e.g. Schopf and Suarez 1988; Picaut et
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al. 1997; Jin 1997; Weisberg and Wang 1997). The Indian Ocean also hosts an equa-
torial mode of variability usually referred to as the Indian Ocean Dipole (I0OD; Saji et
al. 1999, Webster et al. 1999) that peaks in boreal fall. Positive IOD events are
marked by anomalous warming in the western equatorial Indian Ocean and cooling in
the eastern equatorial Indian Ocean and along the coast of Sumatra, which constitutes
a weakening of the climatological zonal SST gradient.

We composite observations of full precipitation and surface zonal wind anoma-
lies for positive AZM, El Nifio, and positive IOD events and plot their seasonal evolu-
tion in latitude-time sections (Fig. 11). For AZM events (Fig. 11a; precipitation and
surface zonal wind anomalies averaged from 40-10°W, SST anomalies averaged from
20°W-0) we see the familiar northward shift of surface wind anomalies that accompa-
nies the northward migration of the ITCZ from April to August. The equatorial SST
anomalies peak in June when the ITCZ has already shifted northward. In the case of
Pacific Nifios (Fig. 11b; precipitation and wind averaged from 160°E to 170°W, SST
from 150-90°W) wind anomalies on the equator increase from July through October
and this is accompanied by an increase in total precipitation on the equator, though
maximum precipitation occurs off the equator at approximately 10°S and 8°N. The
southern precipitation maximum is associated with the South Pacific Convergence
Zone (SPCZ), a perennial feature of the tropical Pacific that is most active in boreal
winter. With the intensification of the SPCZ, the zonal wind anomalies also intensify
but shift south of the equator, which leads to decreased anomalies on the equator. The
maximum SST anomalies in the eastern equatorial Pacific occur during December,
when wind anomalies over the central Pacific are in decline. Note that, as in the case
of the AZM (Figs. 3, 5 and 11a), wind anomalies remain westerly as they shift away
from the equator. Maximum wind anomalies of about 4 m/s occur at 5°S in January,
while on the equator wind anomalies have decreased by more than 1 m/s compared to
their peak in October. Vecchi (2006) shows that qualitatively similar changes in the
wind field during the 1997/98 El Nifio were sufficient to bring about the termination
of the event and McGregor et al. (2012) obtain similar results for a reduced-gravity
ocean model with idealized wind forcing.

The composite positive IOD event shows the least compelling evidence for the
role of ITCZ migration in influencing equatorial wind variability (Fig. 11c; precipita-
tion and wind averaged from 70-100°E, SST from 90-100°E). Even here though, one

can see a strengthening of easterly wind anomalies on the equator that coincides with
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the intensification of precipitation from July through October just north of the equator.
The eastern Indian Ocean SST anomalies peak in October and are located a few de-
grees south of the equator. Maximum wind anomalies shift southward from Novem-
ber onward as they follow the seasonal migration of the ITCZ. The situation in the
Indian Ocean is further complicated by the remote influence of ENSO on surface
winds, which becomes dominant in November, when the 10D starts decaying. The
decrease of SST anomalies in the eastern pole of the IOD (not shown), on the other
hand, is strongly related to the seasonal reversal of the winds along the shore of Su-
matra (Li et al. 2003).

Comparison of the three composites suggests that the meridional extent of both
the ITCZ and surface wind anomalies is narrowest in the tropical Atlantic. This likely
explains the rapid decay of surface wind anomalies in the equatorial Atlantic as the
ITCZ migrates northward. In the tropical western Pacific and Indian Ocean, on the
other hand, deep convection over the equator is essentially active year round, so the
shift of maximum precipitation away from the equator elicits a less drastic response in
the surface wind anomalies.

Another difference between the Atlantic and the other basins is that in the former
it is northward migration of the ITCZ that leads to event termination while in the lat-
ter it is southward migration. The different migration tendencies of the ITCZ are due
to the different times of year during which events peak. While the AZM peaks in bo-
real summer, the IOD and ENSO peak in boreal fall and winter, respectively, when
southern hemisphere warming leads to the southward migration of the ITCZ. Such a
southward migration of the ITCZ does not have a counterpart in the Atlantic, partly
because the South Atlantic convergence zone is well separated from the equatorial
branch. In the Pacific, on the other hand, the South Pacific convergence zone is rela-
tively close to the equator so that maximum precipitation shifts to about 10°S in bore-
al winter, while the Indian Ocean features significant precipitation north and south of

the equator throughout the year with weak seasonality.

6. Summary and discussion
6.1. Summary

We have investigated the reasons for the seasonal phase locking of equatorial At-
lantic SST variability, also known as the Atlantic zonal mode (AZM) or Atlantic Nifio,

using observations and GCM simulations and focusing on the role of surface winds.

15



Previous results indicate that the AZM is closely linked to the occurrence of wind var-
iability over the western equatorial Atlantic, which peaks about one month before the
AZM (e.g. Richter et al. 2014a). Given the close relation between surface wind anom-
alies and the AZM, any process controlling the seasonality of wind anomalies will
also control the seasonality of the AZM. We have shown that the seasonal migration
of the ITCZ fulfills this role because maximum wind anomalies invariably occur in
vicinity to the ITCZ. Thus, as the ITCZ moves north of the equator in June, so do the
zonal wind anomalies, leading to decaying wind anomalies on the equator and the
eventual termination of the AZM in the following months. This mechanism applies to
both positive and negative AZM events.

Several factors contribute to the association of the ITCZ with surface wind
anomalies on the equator. 1) Total surface winds are weak in the ITCZ region and
thus the retarding effect of zonal advection is weak. 2) The low total wind speed also
leads to relatively low surface drag via the bulk relationship, and therefore less mo-
mentum is lost to the ocean. 3) Vertical momentum transport associated with the
ITCZ either reduces the retarding effect of momentum entrainment from the free
troposphere or mixes momentum anomalies into the ABL.

The above arguments explain why the ITCZ is closely associated with surface
wind variability. The crucial variable for AZM phase locking, however, is the surface
stress because it determines the dynamic forcing of the ocean. Only factors 1) and 3)
are relevant for the rapid decay of wind stress anomalies in June and July. Factor 2),
on the other hand, slows the decay because it increases the portion of momentum in-
jected into the ocean.

The close correspondence of the ITCZ and equatorial wind variability that is
prominent in the Atlantic basin also appears in the Pacific and Indian Oceans, as illus-
trated by Fig. 11. Vecchi (2006) and McGregor et al. (2012) pointed out the im-
portance of ITCZ migration for El Nifio termination. Their mechanism, however, re-
lies on the total wind speed altering surface friction and Ekman convergence. In con-
trast, the present study argues for the importance of horizontal advection and vertical
momentum transport, while wind speed changes only play a role in the decay of sur-
face winds, not that of wind stress. Further study will be needed to clarify whether

phase locking in the tropical Pacific and Atlantic relies on different mechanisms.
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6.2. Discussion

One intriguing result of our analysis is that surface zonal wind anomalies in bore-
al summer decrease despite the surface zonal pressure gradient reaching its peak dur-
ing this season. This indicates that a simple Lindzen-Nigam type model would overes-
timate the surface wind response to SST anomalies in the equatorial Atlantic. Non-
linear terms like horizontal advection and vertical momentum transport are crucial to
understand the actual behavior of surface winds. Detailed observational studies of ver-
tical momentum transport will be necessary to fully understand the roles of individual
processes such as ABL entrainment and convective momentum transport.

Our results also indicate that the convergence feedback is not the main driver for
enhanced surface wind anomalies under deep convection, though it plays some role.
This suggests that the parameterization of the convergence feedback in intermediate
complexity models, such as the Zebiak-Cane model (Zebiak and Cane 1987), should
be reinterpreted if not reformulated.

We have seen that the peak in thermocline deepening and SST warming lags the
peak in surface wind anomalies by one month. The delayed peak in SST is partly due
to the time it takes Kelvin waves to communicate the signal to the east (Polo et al.
2008; Richter et al. 2014a). Due to the small Atlantic basin size, however, this delay
may be rather short. Polo et al. (2008) estimate the Kelvin phase speed to range from
1.5 to 2.1 m/s. Assuming the waves originate from the center of the WEA region
(30°W) and travel to the center of the ATL3 region (10°W), the delay would be 12-17
days. More detailed analysis will be needed to clarify the role of wave propagation.

An additional factor in AZM phase locking is the seasonality of upwelling in the
eastern equatorial Atlantic, which is related to the rapid intensification of equatorial
easterlies in late boreal spring and early summer (section 3; Richter et al. 2014a). The
intensification, in turn, is related to the northward shift of the ITCZ during the same
period, which leads to strong cross equatorial flow from a southeasterly direction (Fig.
1). The seasonal intensification of upwelling, shoals the mean thermocline, brings
Kelvin-wave induced subsurface temperature anomalies to the surface and maximizes
the surface expression of the event (Okumura and Xie 2006). Thus our results suggest
that the northward migration of the ITCZ in late spring/early summer controls the sea-
sonality of the AZM in two ways: 1) The associated cross-equatorial northeasterly

flow leads to a strengthening of the full-field equatorial easterlies and upwelling. This
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brings ocean temperature anomalies to the surface and maximizes SST anomalies. 2)
Surface wind anomalies shift north of the equator thus ushering in the demise of the
AZM event. This is in line with the sensitivity studies of Bates (2008, 2010).

Our results suggest that the spring peak of wind anomalies on the equator is due
to the proximity of the ITCZ. This, in turn, is associated with maximum solar insola-
tion and surface temperatures being centered on the equator during spring. The reason
why the ITCZ attains this position only once per year has been attributed to various
causes, such as the alignment of coast and surface wind leading to interhemispheric
differences in upwelling-related cooling (Philander et al. 1996; Xie 2004b), or the
interhemispheric temperature gradient induced by the Atlantic meridional overturning
circulation (Frierson and Hwang 2012; Fuckar et al. 2013; Marshall et al. 2014). Re-
gardless of the underlying causes for this ITCZ behavior, its consequences for AZM
phase locking are evident.

Previous studies suggest that the ITCZ latitude is sensitive to subtropical and ex-
tratropical SST anomalies (Frierson and Hwang 2012; Fuckar et al. 2013). We have
shown that the ITCZ position strongly modulates equatorial Atlantic variability. Tak-
en together, these two facts hint at the possibility of remote influences on equatorial
Atlantic variability. Furthermore, past and future mean state SST changes may pro-
foundly influence the AZM via changes in ITCZ behavior. If, e.g., the ITCZ were to
stay north of the equator throughout the year, it would greatly reduce wind and SST
variability on the equator. Thus the results of the present study provide a new angle

from which to examine climate change impacts in the Atlantic basin.
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A. Tables

model horizontal grid # vertical levels
ACCESS1-0 1.875°x 1.25° 38
ACCESS1-3 1.875°x 1.25° 38
bce-csml-1 T42 (2.8°) 26
bce-csml-1-m T42 (2.8° 26
BNU-ESM T42 (2.8°) 26
CanAM4 T63 (1.8° 35
CCSM4 1.25°x0.9° 26
CESMI1-CAMS 1.25°x0.9° 26
CMCC-CM T159 (0.75°) 31
CNRM-CM5 T127 (1.5°) 31
CSIRO-Mk3-6-0 T63 (1.9°) 18
EC-EARTH T159 (1.25°) 62
FGOALS-g2 2.8125°x 2.8125° | 26
FGOALS-s2 R42 (2.8°x1.7°) |26
GFDL-CM3 200 km (2°) 48
GFDL-HIRAM-C180 | C180 (0.5%) 32
GFDL-HIRAM-C360 | C360 (0.25° 32
GISS-E2-R 2°x2.5° 29
HadGEM2-A 1.875°x 1.25° 60
inmcm4 2°x 1.5° 21
IPSL-CMS5A-LR 3.75°x 1.9° 39
IPSL-CM5A-MR 1.25°x 2.5° 39
IPSL-CM5B-LR 3.75°x 1.9° 39
MIROCS T85 (1.4°) 40
MIROC-ESM T42 (2.8°) 80
MPI-ESM-LR T63 (1.8° 47
MPI-ESM-MR T63 (1.8° 95
MRI-AGCM3-2H T319 (60km) 64
MRI-AGCM3-285 T959 (20km) 64
MRI-CGCM3 T159 (1.125°) 35
NorESM1-M 2.5°x2.9° 26
Table 1.

are given in columns 2 and 3, respectively.

CMIPS5 GCMs used for the amip ensemble average. Horizontal and vertical resolution
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Figure 1. OI SST (shading; °C), ERAI surface winds (vectors; reference 5 m/s), and GPCP pre-
cipitation (5 and 10 mm/d contours) for a) MAM, and b) JJA. The two rectangles centered on the equa-

tor in panel b) show the WEA (left) and ATL3 (right) regions.
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Figure 2. ERA-Interim atmospheric reanalysis WEA surface zonal wind anomaly (green line;

m/s), ORAS-4 ocean reanalysis ATL3 SST anomaly (blue line; K), and ORAS-4 ocean reanalysis

ATL3 20°C-isotherm anomaly (orange line; m*0.1). Fields are composited on positive AZM events

(canonical Atlantic Nifio).
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Figure 3. OI SST anomalies (shading; K), ERAI surface wind anomalies (vectors; reference 1
m/s), and total precipitation (contour lines; interval 3 mm/d) composited on positive AZM events (ca-

nonical Atlantic Nifio).
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Figure 4. Observational and reanalysis fields composited on positive AZM events (canonical At-
lantic Nifios). a) Anomalous sea-level pressure (shading; hPa), anomalous surface winds (vectors; ref-
erence 1 m/s), and total precipitation (contours; interval 3 mm/d). b) Anomalous geopotential height at
700 hPa (shading; m), anomalous winds at 700 hPa (vectors; reference 2 m/s), and anomalous precipi-

tation (red contours; interval 1 mm/day).
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Figure 6. Scatter plots of WEA zonal wind anomalies (m/s) versus WEA pressure gradient anom-

alies (Pa/m*-10°) for observations (top row) and the AMIP ensemble (bottom row). The left column

shows months for which WEA precipitation is below 2 mm/day, the right column months for which

WEA precipitation is above 2 mm/day. Color coding indicates the season of each data point.
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ERAI surface zonal momentum budget for Atlantic Ninos
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Figure 7. Composite evolution of terms in the surface zonal momentum budget calculated from
ERAI and averaged over the WEA region. Positive AZM events (canonical Atlantic Nifios) are selected
for the composite. The individual terms are: zonal momentum tendency (green line; m/s/day* 50.0),
pressure gradient term (blue line; m/s/day), horizontal advection (orange line, m/s/day), surface drag
(brown line; m/s/day), and the residual (red line; m/s/day *-1). The residual has been multiplied by -1

to show the term needed to close the budget.
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Figure 8. Composite evolution of surface wind related fields from the ERAI averaged over the
WEA region. Positive AZM events (canonical Atlantic Nifios) are selected for the composite. Four
fields (units N m™) are shown: surface zonal wind stress anomaly (green line), surface zonal wind
anomaly multiplied by a constant c1 (blue line; ¢1=0.01 kg m™ s), surface zonal wind anomaly multi-
plied by the climatological surface wind speed and a constant c2 (orange line; ¢2=0.20 kg m™), and the
climatological surface wind speed (brown line) multiplied by 0.001 kg m™ 5. The constants c1 and c2
are chosen such that the two derived fields have the same maximum as the zonal wind stress anomaly

in May.

30




500
600
700 ¢
800
900

1000
Feb Mar Apr May Jun Jul Aug

-14-12 -1 -08-06-04-02 0 02 04 06 08 1 12 14

Figure 9. Time-pressure section of composited zonal wind anomaly (shading; m/s) and total zon-
al wind (contours; interval 0.25 m/s, averaged over the western equatorial Atlantic (WEA region) from

ERALI data. Positive AZM events (canonical) Atlantic Nifios) are selected for the composites.

31



convection

WEA
U’

convection

5

a §
@ 2
S &
= £
< O
O £
FRe
>

A

convergence
feedback

v
ATL3

dp’/dx

western
eq. Atlantic

Figure 10. Schematic illustrating the influence of convergence feedback and vertical momentum
transport. A warm SST anomaly in the ATL3 region reduces local sea-level pressure (SLP). If the SST
anomaly is able to trigger deep convection, the SLP response will be enhanced through diabatic heating
of the troposphere. Due to the large-scale response to convection anomalies the SLP anomalies extend
to the west. This leads to an SLP gradient in the WEA region that drives westerly wind anomalies. The

presents study suggests that the influence of the SLP gradient on winds is modulated by deep convec-
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tion through vertical momentum transport.
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Figure 11. Latitude-time sections of GPCP full precipitation (shading; mm/day), ERAI surface

zonal wind anomalies (yellow contours; m/s), and OI SST (purple contours; K) for composite a) posi-
tive AZM events (canonical Atlantic Nifios) with precipitation and wind zonally averaged from 40-
10°W and SST averaged from 20°W to 0, b) El Nifios with precipitation and wind averaged from
160°E-170°W and SST averaged from 150 to 90°W, and c) positive IOD events with wind and precipi-
tation averaged from 70-100°E, and SST averaged from 90 to 100°E. The contour interval for surface
winds is 0.25 m/s for panel a, 1 m/s for panel b, and 0.5 m/s for panel c. The contour interval for SST is

0.25 K for panels a and ¢ (contouring starts from 0.5 K and -0.5 K, respectively), and 0.5K for panel b

(contouring starts from 1 K). Dashed lines indicate negative values.
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